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[1] In most climates on Earth, biological processes control soil N. In the Atacama Desert
of Chile, aridity severely limits biology, and soils accumulate atmospheric NO3

�. We
examined this apparent transformation of the soil N cycle using a series of ancient
Atacama Desert soils (>2 My) that vary in rainfall (21 to <2 mm yr�1). With decreasing
rainfall, soil organic C decreases to 0.3 kg C m�2 and biological activity becomes
minimal, while soil NO3

� and organic N increase to 4 kg N m�2 and 1.4 kg N m�2,
respectively. Atmospheric NO3

� (D17O = 23.0%) increases from 39% to 80% of total soil
NO3

� as rainfall decreases. These soils capture the transition from a steady state,
biologically mediated soil N cycle to a dominantly abiotic, transient state of slowly
accumulating atmospheric N. This transition suggests that oxidized soil N may be present
in an even more arid and abiotic environment: Mars.
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1. Introduction

[2] The Atacama Desert of northern Chile contains the
world’s largest NO3

� deposits, prompting more than a
century of speculation about their origin [e.g., Darwin,
1909; Ericksen, 1981]. Isotopic analysis of commercial
grade NO3

� ores indicates that much of the NO3
� is atmo-

spheric [Böhlke et al., 1997; Michalski et al., 2004].
Although aridity clearly preserves soluble salts in these
soils [Ewing et al., 2006], the specific relationship between
rainfall and the regionally variable persistence of atmo-
spheric NO3

� remains poorly known [Rech et al., 2006].
Globally, about 7% of Earth’s land surface is hyperarid
[Millenium Ecosystem Assessment, 2005], and 97% of that

area is located in northern Africa, the Arabian peninsula,
and western China and Mongolia. However, to our knowl-
edge, NO3

� rich soils are for the most part unique to
northern Chile. We designed this study to examine the
effect of rainfall on N cycling and the preservation of
atmospheric NO3

� in soils of the Atacama Desert.

1.1. Soil N and Climate

[3] Soil N inventories and transformations vary strongly
with climate [Amundson et al., 2003]. Observations in
humid to arid environments have shown that soil N storage
decreases with decreasing mean annual rainfall [Jenny and
Leonard, 1934; Post et al., 1985]. In biologically active
soils, including most deserts, soil N is mostly present in
organic forms (>99%), and N storage approaches a steady
state between inputs and losses. Inorganic N (IN) consists of
relatively small and highly dynamic NO3

� and NH4
+ pools,

which serve as a supply of ‘‘bioavailable’’ N (Figure 1a).
[4] The shift from biotic desert soils with low N

inventories and active N cycling to hyperarid soils with
large inventories of accumulated NO3

� suggests a funda-
mental change in N dynamics. This dry extreme of the
climate spectrum has not been examined by research on
the effect of rainfall on soil N [Amundson et al., 2003;
Jenny, 1941]. For this study, we selected soils along a
natural rainfall gradient in the Atacama Desert, from arid
conditions supporting plants to extreme hyperarid condi-
tions lacking plants. We combined soil and atmospheric N
measurements with analyses of stable isotopes, radiocar-
bon, and microbial biomass, to understand how severely
limited rainfall, and thus soil biology, transforms the
terrestrial N cycle. These observations can help to predict
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whether oxidized N should be present in the more arid and
abiotic soils on Mars.

1.2. Model of Soil N Cycle

[5] Rainfall affects the soil N inventory by regulating
rates of inputs and losses [Amundson et al., 2003]
(Figure 1a). N is added to soils as NO3

�, NH4
+, and

organic N (ON) in atmospheric deposition, and by biolog-
ical N fixation (BNF), at rates that vary spatially and
temporally [Cleveland et al., 1999; Galloway et al., 2004,
Holland et al., 1999; Neff et al., 2002]. Globally, atmo-
spheric IN deposition has dramatically increased in the last
150 years owing to human activity [Galloway et al., 2004;
Holland et al., 1999], although pre-industrial rates of BNF
and IN deposition are thought to have been comparable in
southern hemisphere deserts [Cleveland et al., 1999;
Holland et al., 1999].
[6] Losses of soil N occur as dissolved or gas phase

fluxes (Figure 1a). In deserts, NO3
� leaching is a major form

of soil N loss [Walvoord et al., 2003], and gas phase N
losses can also be significant with pulsed wetting events
[Austin et al., 2004]. Gaseous losses of NO and N2O

primarily occur during biologically mediated processes
(nitrification and denitrification [Firestone and Davidson,
1989]; mineralization [Stark et al., 2002]). NH3 volatiliza-
tion is an abiotic loss process that occurs in desert soils at
pH >7 [e.g., Schaeffer and Evans, 2005; Schlesinger and
Peterjohn, 1991].
[7] Thus for a biologically active plant-soil system

(Figure 1a), the balance of N inputs and losses control the
soil N inventory (Figure 1b). If inputs are constant (fN, mol
N m�2 yr�1) and losses are first order, the inventory of soil
N (Ns, mol m�2) approaches steady state (inputs = losses)
on timescales of 103 yr [Brenner et al., 2001]:

Ns ¼
fN

keff
; ð1Þ

where keff is a first-order loss constant (yr�1) and keffNs is
the loss rate (mol N m�2 yr�1).
[8] We expected that with decreasing rainfall and biolog-

ical activity, soil N losses would decrease to near-zero
levels, and BNF would be negligible (Figure 1c) [Amundson

Figure 1. (a) Detailed soil N cycle in most climates; (b) soil N cycle in most climates simplified as
inputs and losses; and (c) hypothesized hyperarid soil N ‘‘cycle’’ simplified as inputs only.
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et al., 2003]. With continuous inputs, the soil N inventory
should increase with time (t; Figure 1c),

Ns tð Þ ¼ fN ;dept; ð2Þ

where fN,dep is atmospheric N deposition. Given minimal
biological activity, soil N storage should directly reflect the
composition and rate of atmospheric deposition.
[9] In this work, we tested whether hyperarid soils ap-

proach this theoretical end-member. By selecting sites that
vary from sparse but continuous plant cover to a total
absence of plants, we sought to capture the transition
between the biologically active, steady state case and the
abiotic, nonsteady state extreme. We hypothesized that
(1) inputs to all sites should be similar, (2) in-soil trans-
formations and losses control differences among sites, and
(3) the driest site retains long-term atmospheric N deposi-
tion (equation (2)).

2. Methods

2.1. Study Sites and Sampling

[10] We established three study sites at latitudes ranging
from 27�S to 24�S (Figure 2). These sites represent a

rainfall gradient from 21 to <2 mm yr�1 [Warren-Rhodes
et al., 2006], and a transition from arid to hyperarid climate
conditions (‘‘hyperarid’’ is defined as mean annual precip-
itation (MAP)/potential evapotranspiration (PET) < 0.05
[see Ewing et al., 2006]). Sites were chosen to minimize
differences other than rainfall and the resulting plant com-
munities [Ewing et al., 2006]. Small shrubs form a sparse
cover at the arid site, occur in select landscape positions at
the intermediate site, and are completely absent at the driest
site. The age of the driest soil (Yungay) is between 1.9 and
2.1 My; the two southern sites are >2 My [Ewing et al.,
2006].
[11] Soils were excavated to depths of �2 m and sampled

by horizon. At each site, combined wet and dry atmospheric
deposition was sampled using passive collectors [Reheis
and Kihl, 1995], as described previously [Ewing et al.,
2006]. Two to three collectors near each site were retrieved
after �1 year intervals in 2003, 2004 and 2006. Fog water
samples were also collected at the two drier sites in
February 2004, as fog wetted soils and plants, and conden-
sate from a small passive fog sampler. Fog samples were
frozen in sealed vials for water isotope analysis.
[12] In October 2002, total suspended airborne particles

were collected at each site, and in February 2004, sized
particles were collected using cascade impactors at the
intermediate site and at a coastal site, as described previ-
ously [Ewing et al., 2006]. Near the driest site in 2004 and
2005, we also collected airborne particles for OC analysis
using stainless steel sampling units (SKC, Inc.), battery
operated pumps (BGI, Inc.; 9.0 L min�1; >100 hours
sampling time), and paired quartz filters. Three replicate
sample sets and multiple blanks were collected at each site.
Sampling occurred through fog events, and likely resulted
in collection of fog droplets in addition to airborne particles.

2.2. Analytical Methods

[13] Soil samples were sieved to separate the <2 mm
fraction. Total C and N were determined by automated
combustion-C-C analysis. Water-soluble salts were
extracted by 20x dilution with both distilled deionized
(DDI) water and 2M KCl (to ensure complete extraction
of NH4

+). The resulting slurry was filtered (0.2 mm PES) and
the filtrate analyzed for NO3

� and NH4
+ using automated

colorimetry.
[14] OC concentrations and OC-D14C values were deter-

mined using sealed tube combustion, following acidification
to remove carbonate, as described previously [Ewing et al.,
2006]. Graphitization of purified CO2 and subsequent
analysis was done at the Lawrence Livermore National
Laboratory Center for Accelerator Mass Spectrometry for
most samples. The d13C value of the CO2 in all samples,
and the D14C value in 13 samples, were determined at UC
Irvine’s Keck Carbon Cycle Accelerator Mass Spectrometry
Laboratory facility. The long-term accuracy and precision
(1 s) of this technique on modern C (D14C > 0%) is <9%
[Vogel et al., 1984].
[15] NO3

� was extracted (DDI) and purified from soil and
deposition samples containing 10–100 mmol NO3

� and
converted to AgNO3 [Michalski et al., 2004]. The O2

released upon thermal decomposition was analyzed on a

Figure 2. Site locations. Northern site is Yungay (<2 mm
rain yr�1), middle site is Altamira (�10 mm rain yr�1), and
southern site is Copiapó (�20 mm rain yr�1).
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Finnigan Mat 251 isotope ratio mass spectrometer at UC
San Diego [Michalski et al., 2002] (long-term precision for
d18O ± 2.0%; D17O ± 0.2%; values relative to VSMOW).
D17O values were calculated as d17O � 0.52 d18O.
[16] For analysis of d15N and d18O in NO3

�, �1 mmol
NO3

� was extracted (DDI) from ground soil and analyzed
[Sigman et al., 2001; Casciotti et al., 2002] at the USGS
stable isotope laboratory in Menlo Park, California, using
the bacterial strain Pseudomonas aureofaciens (long-term
precision: d15Nair ± 0.3%, d18OVSMOW ± 0.8%).
[17] Surface horizons were separately sampled for polar

lipid fatty acid (PLFA) analysis. Samples were frozen
(�20�C) upon collection in Chile, kept on dry ice during
transport back to the lab, kept frozen (�20�C) prior to
analysis, and processed within one week. Ten to 15 replicate
30-g extractions were made for each sample and pooled, so
that the final pooled mass of soil analyzed was 300 to 500 g.
PLFAs were extracted and purified as described previously
[Macalady et al., 2002], and analyzed by gas chromatogra-
phy-mass spectrometry (GC-MS) in the lab of T. Torok at
Lawrence Berkeley National Laboratory. Peaks were
identified using 33 bacterial FAME standards and MIDI
peak identification software (Microbial ID Inc., Newark,
Delaware) integrated with the GC-MS system. Microbial
biomass was estimated by assuming 2.2 � 107 PLFA
molecules/cell.
[18] Soluble salts were extracted from deposition traps

and filters as described previously [Ewing et al., 2006]. Air
and deposition samples were analyzed by the Desert Re-

search Institute in Reno, NV using IC (NO3
�) and automated

colorimetry (NH4
+). Organic and elemental C analysis at the

University of Wisconsin, Madison, used stepped heating/
pyrolysis [Schauer et al., 2003].
[19] Water was extracted from fog-wetted samples by

cryogenic distillation for one hour under vacuum [West et
al., 2006]. The stable O isotopic composition of distilled
samples was determined on an isotope ratio mass spectrom-
eter (Finnegan Mat DeltaPlus XL, Germany) at the UC
Berkeley Center for Stable Isotope Biogeochemistry (versus
VSMOW; long-term precision of 0.11% using two internal
standards traceable to IAEA standards).

3. Results and Discussion

3.1. Soil N With Decreasing Rainfall

[20] The soil N inventory increases sharply with the
transition from arid to extreme hyperarid conditions
(Figure 3a). This increase is contrary to the decrease in
soil N observed at humid to semiarid sites [Post et al.,
1985]. With decreasing rainfall, the character of soil N
also changes: 88% organic at the arid site, 22% organic at
the intermediate site, and 28% organic at the driest site.
[21] The arid soil has a functioning ecosystem and con-

forms to the expected pattern for biologically active soils
with arid conditions. Its soil N inventory (0.029 kg m�3) is
dominated by ON, but is among the lowest reported for soils
[Post et al., 1985]. The more hyperarid sites represent a
departure from previous observations of soil N versus

Figure 3. Soil C and N with increasing latitude (increasing rain): (a) soil N pools, (b) surface and total
organic C, (c) surface organic C and microbial biomass, and (d) surface and total radiocarbon (D14C).
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climate. Total N is high, and dominated by NO3
�. The

accumulation of NO3
� with declining rainfall is consistent

with the abiotic extreme (equation (2)) in which deposition
is preserved. Given this trend in NO3

�, the low levels of
NH4

+ in all soils (0.2 to 1.1 g N m�2) are striking because
deposition of NH4

+ should be comparable to that of NO3
�

(see deposition results in this paper, and Galloway et al.
[2004]). These low NH4

+ levels suggest loss either during or
after deposition in the soils, including the driest soil where
NO3

� is retained.
[22] The inventory of ON is highest in the driest soil

(1.4 kg m�2; Figure 3a). This was unanticipated given the
near absence of local biological activity [Navarro-Gonzalez
et al., 2003;Warren-Rhodes et al., 2006]. This ON storage,
if not a fossil reservoir, suggests that atmospheric ON
deposition is important, and that decomposition rates are
exceedingly low. In the next section, we consider rates of
OC cycling provide insight into ON dynamics.

3.2. Soil C Cycling With Decreasing Rainfall

[23] With decreasing rainfall, OC decreases in soil sur-
face horizons (0�2 cm) and in OC inventories to 1 m
(Figure 3b), consistent with the larger global trend
[Amundson, 2001]. These trends of decreasing OC across
the arid-hyperarid transition (Figure 3b) are opposite those
of soil N (Figure 3a), suggesting that losses of soil OC are
greater relative to inputs than losses of soil N.
[24] We used the PLFA assay in surface horizons (upper 1

to 2 cm) to provide an estimate of the microbial biomass
that would have immediate access to OC deposited from
the atmosphere. These data indicate that the microbial
biomass in surface horizons drops from 105 cells g�1 in
the arid soil to 103 cells g�1 in the driest soil (Figure 3c).
These values are orders of magnitude lower than the average
of 109 cells g�1 in most soils [Sylvia et al., 1998]. With the
transition to extreme hyperaridity, microbial biomass
declines precipitously but is still detectable.
[25] PLFA are generally assumed to decompose rapidly in

soils [Guckert et al., 1985], making this class of compounds
a useful assay of living microorganisms. It could be argued
that rapid biological decomposition does not occur at the
driest site, and the PLFA data reflect the accumulated
residue of dead cells. However, rapid abiotic oxidation of
OC compounds has been observed in the Atacama [Quinn et
al., 2005], and the PLFA-derived biomass values are con-
sistent with estimates of viable microorganisms at the soil
surface using plate counts [Navarro-Gonzalez et al., 2003].
Moreover, microbial biomass and activity may increase
below the upper 2 cm given harsh conditions at the soil
surface [Maier et al., 2004]. Therefore the PLFA data likely
represent viable biomass, even at the driest site. There an
exceedingly small microbial community may survive by
virtue of fog/dew events, resulting in a slow or highly
episodic C cycle.
[26] Organic D14C values in surface horizons decrease

from +7 ± 44% (n = 5) at the arid site to�609 ± 77% (n = 2)
at the driest site (Figure 3d). These values show that
apparent rates of C cycling decrease sharply with decreas-
ing rainfall: residence times are decadal or shorter at the
arid site, increasing to a modeled mean residence time of

1.3 � 104 years at the driest site (auxiliary material Text
S1 equation (4)1). This apparent rate in the driest region is
the slowest observed for a soil surface horizon [Amundson,
2001; Trumbore, 2000].
[27] In the arid soil, the depth-integrated soil D14C value

(�890%) is considerably lower than that of the surface
horizon (+7%), indicating that C cycling is focused at the
soil surface, as expected for vegetated sites (Figure 3d). In
the driest soil, the depth integrated soil D14C value
(�550%) is equal within error to the surface horizon value
(�609 ± 77%) (Figure 3d), revealing an apparent lack of
variation in OC cycling with depth. However, the OC is not
radiocarbon ‘‘dead’’ (�996%), indicating slow C turnover
(auxiliary material Text S1 equation (8)).
[28] On the basis of the depth-integrated soil D14C value

in the driest soil (�550%), the steady state OC input rate is
1700 mmol m�2 yr�1 (auxiliary material Text S1 equations
(2)–(4)). This apparent rate, when compared to total long-
term salt deposition (0.4 g m�2 yr�1 [Ewing et al., 2006])
suggests that OC has been 5% of salt inputs, consistent with
reported OC concentrations in marine aerosols (1 to 19%
[Hoffman and Duce, 1974]). Given the evidence of a small
but viable microbial biomass, these results suggest that slow
biological decomposition of marine derived organic matter
has occurred. Thus while substantial ON has been pre-
served in this soil, a fraction has likely been mineralized
during decomposition.

3.3. C and N in Airborne Particles and Deposition

[29] We measured atmospheric C and N directly, in order
to demonstrate that the rate and character of inputs are
similar among sites. The solute inventories in the driest soil
also provide a measure of long-term atmospheric N accu-
mulation that should most closely resemble inputs [Ewing et
al., 2006]. By comparing inputs with accumulation in the
driest soil, we can begin to identify whether N transforma-
tion occurs with extreme hyperaridity.
3.3.1. Atmospheric Inorganic N
[30] In October 2002, airborne NO3

� and NH4
+ concen-

trations were relatively consistent among sites and similar
to each other at a given site (Figure 4a). In three years of
samples, NO3

� deposition rates exceeded those of NH4
+ by

about an order of magnitude (Figure 4b). While this
difference may reflect some degree of seasonal variation,
it may also occur because NO3

� is present on larger
particles that are more readily deposited at the land
surface. In airborne particles, NO3

� was detected in par-
ticles 2.5�12 mm in diameter (5.9 ± 3.4 nmol m�3, n = 3),
and 0.5–2.5 mm in diameter (3.6 ± 1.3 nmol m�3, n = 4),
while 99% of NH4

+ was in particles <0.5 mm (35.0 ±
4.9 nmol NH4

+ m�3, n = 4).
[31] NO3

� deposition averaged 3.3 ± 0.8 mmol m�2 yr�1

(n = 3 sites). A lower long-term deposition rate can be
calculated from the inventory and age of the driest soil
(0.13 mmol m�2 yr�1 [Ewing et al., 2006]; see auxiliary
material Text S1 equation (9). This long-term rate is also
an order of magnitude less than both modeled rates of pre-

1Auxiliary materials are available in the HTML. doi:10.1029/
2006GB002838.
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industrial NO3
� deposition in southern hemisphere deserts

(1.4 to 5.6 mmol m�2 yr�1 [Holland et al., 1999]) and a
previous estimate for this region (1.2 mmol m�2 yr�1

[Michalski et al., 2004]). However, given uncertainties in
both modeled pre-industrial values and our short-term con-
temporary deposition observations, the soil-based NO3

�

deposition rate is a useful conservative estimate of the
long-term rate of NO3

� deposition [Ewing et al., 2006].
While short-term deposition rates were higher, they were
relatively consistent among sites, suggesting that differences
in atmospheric deposition do not explain the soil N chem-
istry differences.
[32] NH4

+ deposition averaged 160 ± 70 mmol m�2 yr�1

(n = 3 sites). Long-term NH4
+ deposition can be estimated on

the basis of the observation that it is primarily associated
with SO4

2� in air samples [Ewing et al., 2006]. As with
NH4

+, most SO4
2� (83%) in airborne samples was in particles

<0.5 mm; NH4
+ was the apparent counter-ion for 50% of

SO4
2� in particles <0.5 mm, and 5% of SO4

2� in particles
0.5�12 mm (more readily deposited). Applying this range to
the soil-based SO4

2� deposition rate (1.4 mmol S m�2

[Ewing et al., 2006]) the long-term NH4
+ deposition rate is

70 to 700 mmol m�2 yr�1, comparable to the short-term
rate. Compared with the NH4

+ storage of the driest soil
(0.04 mmol m�2 yr�1), this implies that 99.9% of depos-
ited NH4

+ has been lost or transformed.
[33] A loss or transformation of NH4

+ is further indicated
by a comparison of airborne, deposition, and soil NH4

+/NO3
�

mole ratios (Table 1). This ratio is highest in airborne
particles (1.0), intermediate in deposition trap and driest
surface horizon samples (0.05 and 0.15, respectively) and
lowest in the driest soil inventory (0.0004) (Table 1). This
suggests that NH4

+ is deposited to soils but is continuously
transformed or lost, possibly via NH3 volatilization [Ewing
et al., 2006].
3.3.2. Atmospheric Organic C and N
[34] The average OC in airborne samples was 0.46 ±

0.18 mg m�3 (n = 2 years), and elemental C exceeded
uncertainty in 2005 (0.13 ± 0.09 mg m�3, n = 2 samples)
but not in 2004. This amount of OC is 7 ± 3% of total
airborne salts at all sites in 2002 (7 ± 1 mg m�3; n = 9
[Ewing et al., 2006]), consistent with typical marine
aerosols (1–19% [Hoffman and Duce, 1974]), and our
earlier estimate (5% of total salts).
[35] It is likely that ON is deposited with OC. Our

detection of elemental C, a combustion product, suggests
an anthropogenic component in our air samples. However,
the presence of substantial ON in the driest soil indicates
long-term, nonanthropogenic deposition of airborne ON and
OC. The long-term, soil-based ON accumulation rate is
50 mmol m�2 yr�1, but total deposition may be higher.
Two independent estimates of total ON deposition indi-
cate ON transformation following deposition: (1) the
steady state OC input rate (1700 mmol m�2 yr�1),
divided by observed OC/ON ratios in atmospheric sam-
ples (2:1 to 20:1 [Cornell et al., 2003]) and (2) typical

Figure 4. NO3
� and NH4

+ with increasing latitude (increasing rain) in (a) atmosphere (October 2002),
(b) combined wet and dry deposition to passive traps (2002–2006; n = 3), and (c) surface soil (1–2 cm
depth).

Table 1. Airborne Concentrations, Fluxes, and Driest Soil Inventories of C and N

Airborne,
mmol m�3

Measured
Deposition,

mmol m�2 yr�1

Soil-Based
Deposition,

mmol m�2 yr�1

Soil-Based
Deposition
Velocity,
cm s�1

Yungay
Surface

(0–2 cm),
mol m�2

Yungay
inventory
(0–1 m),
mol m�2

NH4
+ 0.0181 160 0.04 (400)a 6E-6 0.004 0.110

NO3
� 0.0182 3300 133 0.02 0.027 255

NH4
+/NO3

� 1 0.05 (3) 0.15 0.0004
ON �0.01 48 (250) 0.02 0.199 100
OC 0.038 (1700) 0.14 0.232 40
OC/ON 2–20 (23) 1 0.4

aParentheses denote estimated rather than directly measured values, as discussed in text.
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proportions of ON in the atmosphere (20�65% of total
N [Cornell et al., 2003; Neff et al., 2002]), given the
total soil-based IN deposition (�200 mmol m�2 yr�1

including estimated NH4
+ deposition). These estimates sug-

gest that at least 2/3 of the deposited ON (�100–200 mmol
m�2 yr�1) has been transformed or lost. OC/ON ratios
provide further evidence of ON transformation.
3.3.3. OC/ON of Atmosphere Versus Driest Soil
[36] Typically, soil C/N ratios do not decrease below that

of the microbial biomass (�5). Here soil OC/ON ratios are
unusually low, decreasing between the surface soil (OC/
ON = 1) and the soil inventory (OC/ON = 0.4) (Table 1).
Slow decomposition or transformation over My timescales
can explain these low values. Our estimated OC and ON
input rates (1700 and �200 mmol m�2 yr�1, respectively)
indicate an atmospheric OC/ON of �9. Subtracting the
apparent ON accumulation rate in soil (50 mmol m�2 yr�1)
from the ON input rate, the material transformed would
contain �150 mmol ON m�2 yr�1 and have an average OC/
ON of �11, only slightly higher than the input value, in
order to result in the observed soil OC/ON. We have
assumed steady state for OC, and the similar input and loss
ratios suggest that steady state is also possible for ON. In
general, these unusually low C/N ratios indicate faster
transformation of C than N, and if they are the result of
biological activity, could signal that this is a C limited system
due to water limited photosynthetic activity. Further work is
needed to confirm these low ratios and their causes.

3.4. NO3
� O Isotope Values

[37] The isotopic composition of atmospheric deposition
provides an end-member for determining the origin of soil

NO3
� (auxiliary material Text S1 Appendix 3). NO3

�

collected in the passive deposition collectors at the driest
site had an O isotopic composition typical of purely
atmospheric NO3

�: a D17O value of 23.0 ± 0.9% (n = 3)
and a d18O value of 63.9 ± 4.9% (n = 3). The D17O
value is close to a global estimate based on common
pathways of NO3

� formation in the atmosphere (24.7%
[Michalski et al., 2004]), and is consistent with mea-
sured values of 20–30% observed at coastal and inland
sites in southern California [Michalski et al., 2003]. The
d18O value (63.9 ± 4.9 %) is consistent with observed d18O
values of 60 to 90% for atmospheric NO3

� in aerosols and
remote rain and snow [Hastings et al., 2003, 2004;Michalski
et al., 2003]. Our samples reflect a year of combined wet
and dry deposition, and therefore represent a seasonally
integrated value.
[38] With declining rainfall, the depth-integrated soil

NO3
�-D17O values increase from 9.1% to 18.5%,

approaching our observed atmospheric value (Figure 5).
The depth-integrated soil NO3

�-d18O values increase from
32% to 52% with decreasing rain, and are linearly corre-
lated with the NO3

�-D17O values (R2 = 0.92; Figure 5). This
correlation is consistent with a two-component mix between
atmospheric NO3

� (D17O = 23 ± 1%, d18O = 64 ± 5%) and
NO3

� produced via in-soil oxidation (D17O = 0%, d18O =
7.9%; Figure 5 regression intercept). The soil NO3

�-D17O
values indicate an increase in the atmospheric portion of
total soil NO3

�, from 39% at the arid site to 80% at the driest
site. At the driest site, the soil NO3

�-D17O values fall within
the range of values for ore-grade Atacama NO3

� (13.7 to
21.6% [Michalski et al., 2004]). The NO3

� isotope and
concentration data show that the arid-hyperarid transition
has two effects: (1) negligible leaching leads to a large,
accumulating soil NO3

� inventory, and (2) reduced biolog-
ical activity results in greater preservation of the atmospher-
ic O isotope signal. Atmospheric NO3

� in the driest soil has
been preserved unaltered for millions of years.

3.5. In-Soil Sources of Nonatmospheric NO3
�

[39] On the basis of soil NO3
�-D17O values, atmospheric

NO3
� increases with decreasing rainfall, but even at the

driest site, 20% of total NO3
� (55 mol NO3-N m�2) was

produced in situ. This indicates that over 2.1 My, 26 mmol
N m�2 yr�1 has been oxidized to NO3

�. This rate is seven
orders of magnitude lower than microbial nitrification rates
in wetter climates [Booth et al., 2005]. Our estimated rate of
ON + NH4

+ transformation (�220–950 mmol m�2 yr�1)
exceeds this net rate of N oxidation by an order of
magnitude. Since the transformation products are not pres-
ent in the soil, only very small amounts of ON and NH4

+

may be oxidized to soil NO3
�. This indicates that much of

the ON and most of the NH4
+ are transformed to gas phase

products by biotic or abiotic means, and pass out of the soil.

3.6. Nitrate-d15N and -d18O Values

[40] The soil NO3
�-d15N values are variable and gener-

ally increase with depth, ranging from 0.40 to 8.15% in
the arid soil, and from �1.96 to +8.21% in the driest soil
(Figure 6a). This isotopic variation with depth is unlikely
to reflect N source changes over time, because the depth

Figure 5. NO3
�
-d18O versus D17O at all sites (depth-

weighted mean value for each site) and in atmospheric
deposition. Error bars represent both within-site variability
(Table 2) and analytical error. Nonatmospheric nitrate
values are based on local water values [Vuille et al., 2003].
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distribution of salts indicates that NO3
� has been mixed

and concentrated at depth by episodes of wetter conditions
in the past [Ewing et al., 2006]. This suggests that in-soil
processes drive the observed variation.
[41] Soil NO3

�-d15N values are inversely correlated with
d18O values (Figure 7). This could indicate dilution of
atmospheric NO3

� by soil NO3
� that is 15N-enriched and

18O-depleted relative to atmosphere, but in that case a
negative correlation between NO3

�-d15N and NO3
�-D17O

should result. Our data are sufficient to make this compar-
ison only at the driest site, where no such correlation is
apparent (Table 2). In addition, NO3

�-d15N values are
similar among sites (Figure 6), despite the observed varia-
tion in O isotopes with rainfall (Figure 5).
[42] The isotopic data require processes that have an

inverse effect on d15N and d18O values in NO3
� without

significantly changing the proportion of atmospheric NO3
�

present (i.e., D17O; see auxiliary material Text S1
Appendix 3). This could occur with: (1) mass-dependent
fractionation, with downward transport and precipitation of
NO3

� salts, as observed for CaSO4 minerals [Ewing et al.,
2005]; or (2) multiple in situ sources of N in NO3

�, with
different d15N values and oxidation pathways. The first
possibility has not been considered before owing to the
rarity of solid phase nitrate salts, and we know of no
reported fractionation factors for this process. However,
observations for S and O in sulfate [Ewing et al., 2005]
suggest that dissolution and reprecipitation with downward
transport might be expected to favor the lighter isotopes of
both N and O; here the heavier N isotope is favored with
depth. The second possibility (multiple sources) is consis-
tent with NO3

� formation from both ON and NH4
+ if the

oxidation pathway (or O source) varies in a species-
dependent manner. ON-derived NO3

� may have a low
d15N value because mineralization (or perhaps photolysis;
see section 3.7) favors the light isotope, while NH4

+-source
NO3

� may be enriched in 15N by NH3 volatilization.
NO3

�-d18O values may vary with the abundance of NH4
+

[Mayer et al., 2001]. If ON and NH4
+ are oxidized at

different depths, the oxidizing water may have variable
d18O values due to depth-dependent evaporation, resulting
in different NO3

�-d18O values for the two species. Gas phase
N losses in addition to NH3 volatilization would complicate
these trends. For example, loss of N oxides would increase
both 15N and 18O in the residual NO3

�.
[43] The relationship between d18O and D17O at all sites

(Figure 5) suggests a nonatmospheric NO3
� end-member that

is formed from water with a d18O value of about 0%
(auxiliary material Text S1 Appendix 3). Fog water had
d18O values of�3.3 ± 0.7% (n = 7) and�5.5 ± 1.7% (n = 7)
at the intermediate and driest sites, respectively. While

Figure 6. (a) NO3
�
-d15N and (b) NO3

�
-d18O with depth at all sites.

Figure 7. For all sites, d18O versus d15N.
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controls on the net isotopic values in NO3
� likely vary across

sites, the low fog water values suggest that NO3
�-d18O values

are elevated by either a loss mechanism or by evaporation of
soil/fog water prior to its incorporation in nonatmospheric
NO3

�. Further work is needed to fully evaluate these
hypotheses, but our data suggest multiple pathways of in
situ N transformation, even in the driest soil.

3.7. Transformation of the Soil N Cycle at the
Arid-Hyperarid Transition

[44] The arid-hyperarid transition alters the primary pro-
cesses controlling soil N, and the result is hyperarid soils
that are unique on Earth because they are essentially abiotic
with respect to N cycling. Inputs to the driest soil by
atmospheric N deposition total �500 mmol m�2 yr�1

(Figure 8). About a third of this is retained in the soil,
resulting in accumulation of a large inventory of unaltered
atmospheric NO3

� and substantial ON over millions of
years. Of estimated total N losses from the driest soil
(�300 mmol m�2 yr�1) at least a third may arise from the
abiotic process of NH3 volatilization (as discussed in
section 3.3.1; estimated values in Figure 8). Photolytic
transformation of N is also possible at the soil surface [Austin
and Vivanco, 2006; Zhang and Anastasio, 2003; Calza et al.,
2005], with unknown effects on stable isotope values and N

speciation. Thus much of the hyperarid N cycle revealed by
this work (Figure 8) is a function of abiotic processes.
[45] However, our data suggest that even under the most

extreme hyperarid conditions on Earth, biological C and N
cycling continue to occur at very low levels. Detectable
microbial biomass suggests that slow turnover of atmo-
spherically derived OC (�1700 mmol m�2 yr�1) is at least
partly biotic, and accompanied by slow mineralization of
atmospheric ON (�150 mmol m�2 yr�1). Low levels of
both ON mineralization and nitrification may contribute to
the inventory of nonatmospheric NO3

� in the driest soil, and
associated N losses may occur. By virtue of their antiquity,
these largely abiotic soils contain evidence suggesting very
low levels of biological activity.

3.8. Sources of Atmospheric NO3
� in Atacama Desert

Soils

[46] In the Atacama Desert, the NOx precursor of NO3
�

has several possible origins, including lightning, strato-
spheric mixing, biomass burning, local soils and volcanic
emissions. The influence of biomass burning is expected to
be negligible [Michalski et al., 2004], and the contributions
of lightning, mixing, and local soils should be small. The
significant quantities of ON in the driest soil may offer an
additional clue, as they are unlikely to be derived from

Table 2. N and O Isotope Values of NO3

�
in the Soils Examined in the Study

Site,
mm rain yr�1

Soil Depth,
cm NO3

�
-d15Na NO3

�
-d18Ob NO3

�
-d18Oa NO3

�
-D17Ob 1 s (D17O) nc % atmd

<2 deposition – 63.9 23.0 0.9 3 100
<2 1 2.94 53.8 53.16 19.5 1 85
<2 3 �1.96 57.3 57.29 19.3 1 84
<2 8 0.29 52.4 52.50 15.3 1 66
<2 19 2.12 47.74
<2 33 1.30 51.93
<2 55 1.27 50.1 54.26 18.9 0.7 3 82
<2 77 1.58 52.9 54.49 18.2 0.4 4 79
<2 92 �1.70 50.5 51.56 18.1 0.6 3 79
<2 112 2.78 54.5 51.95 18.3 0.2 4 80
<2 134 8.21 45.2 42.53 17.7 0.2 2 77
<2 150 17.5 76
<2 167 49.7 17.2 1 75
<2 186 50.7 18.2 1.0 4 79
<2 202 50.5 17.3 0.4 4 75
<2 216 49.8 16.8 0.8 2 73

�10 2 �2.35 49.9
�10 8 �1.91 62.51
�10 8 �0.57 46.94
�10 24 �1.43 45.21
�10 58 0.80 40.21
�10 89 40.0 14.0 0.1 2 61
�10 106 36.1 13.7 1 60

21 2 43.77
21 9.5 25.78
21 21.5 23.66
21 37 23.24
21 153 31.0 28.61 9.2 1 40
21 167 31.9 21.55 9.4 1 41

aDenitrifier method (d15N ± 0.3%; d18O ± 0.8%).
bMichalski et al. [2002] (d18O ± 2.0%; D17O ± 0.2%).
cLaboratory extraction replicates for triple O isotope analysis.
dPercentage of total soil NO3

� that is atmospheric, with 100% = 23.0%.
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volcanic emissions, and may reflect the influence of highly
productive, upwelling waters at the coast of northern Chile
[e.g., Moore et al., 2002]. A marine origin is consistent with
observations for soil sulfate at sites near the coast [Rech et
al., 2003], and formation of sea salt would be expected to
entrain ON [Hoffman and Duce, 1974].
[47] With onshore transport, sea salt also serves as a locus

of NO3
� formation from NOx. A possible mechanism of

increased NOx formation in this region is via photochemical
production and sea-air flux of gas phase alkyl nitrate
compounds (RONO2 [Blake et al., 2003; Dahl et al.,
2005; Moore and Blough, 2002]). Upwelling waters are
high in RONO2 precursors (NO2

�/NO3
� and photoreactive

organic matter), and once formed, RONO2 compounds
photolyze to form NOx, over timescales of days to weeks
[Blake et al., 2003; Dahl et al., 2005]. Thus they serve as a
means of transforming dissolved NO2

�/NO3
� in the water

column to a NOx reservoir that may then be transported
onshore and deposited as NO3

�. Maximum CH3ONO2 con-
centrations have been observed in the equatorial Pacific
(�50 pptv), with short residence times suggesting transport
rates exceeding those of photolysis [Blake et al., 2003].
While this hypothesis remains to be tested by future work,
we suggest that the unique NO3

� deposits of the Atacama
Desert may reflect photochemical mobilization of upwelling
marine NO2

�/NO3
�.

3.9. Implications for Mars Regolith

[48] Planetary atmospheres bear the signature of chemical
processes integrated over geologic timescales. Earth’s N2

rich atmosphere is maintained through biological denitrifi-
cation, returning reduced N to its largest reservoir. It has
been proposed [Capone et al., 2006] that the absence of life

would break this cycle, depleting the atmospheric reservoir
and storing oxidized N in surface or deeper reservoirs.
[49] The Atacama Desert is as close to an ancient abiotic

environment as can be found on Earth, and has been
proposed as an analog for Mars research [Navarro-Gonzalez
et al., 2003; Quinn et al., 2005]. This work shows that
extreme aridity stalls the N cycle by limiting biology,
resulting in soils that store oxidized N. During the past on
Mars, volcanism, meteor shock and lightning may have
produced fixed N as NO and HCN [Segura and Navarro-
González, 2005]. While the oxidizing capacity of the
Martian atmosphere over time is debatable, the current
presence of SO4

2� in soils is testament to oxidation process-
es. The relatively low N2 content of the Martian atmosphere
may partly reflect NO3

� storage in Martian soils.

4. Conclusions

[50] The substantial accumulation of NO3
� in the Atacama

Desert is a consequence of the near-cessation of the soil N
cycle as we know it on Earth. Biology is not absent from the
most hyperarid Atacama Desert soils, yet its limited influ-
ence makes them largely abiotic with respect to elemental
cycles of fundamental importance to life. Because severely
limited rainfall restricts leaching and biology, it is atmo-
spheric N deposition, rather than microbial transformation,
that controls N inventories and speciation. Thus the arid-
hyperarid transition represents a threshold in the relation-
ship between soil N and rainfall on Earth (Figure 9).
[51] At the same time, this work shows that N losses

continue to occur under extreme hyperarid conditions, most
likely as gas phase products (NH3, NOx, N2O) of both biotic
and abiotic N transformations (Figure 8). Upon transport out
of the soil, the more reactive species (NH3, NOx) will be
transformed to particle phase N in the atmosphere and
redeposited regionally. In this sense hyperaridity short-
circuits the soil N cycle, shifting the balance of N trans-
formations toward the soil surface and atmosphere, where

Figure 8. Hyperarid soil N ‘‘cycle’’ based on this work.
All units are mmol m�2 yr�1. The soil N inventory divided
by soil age (130 mmol m�2 yr�1) is 26% of estimated inputs
(�500 mmol m�2 yr�1).

Figure 9. Schematic of trends in soil N with rainfall. In
semiarid to humid climates (warm temperate shown here
[Post et al., 1985]), total soil N increases with rainfall and is
mostly organic (>99%), reflecting biological activity. In arid
to hyperarid climates, total soil N increases with aridity and
is mostly inorganic (�75%), reflecting N in atmospheric
deposition.
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photochemistry, regional transport, and abiotic reactions
dominate.
[52] In the driest Atacama Desert soils, the accumulation

and preservation of atmospheric N largely overshadows
biotic transformations and losses. Similar conditions may
be hypothesized for Mars, which has ancient landscapes and
persistent dry conditions that are likely to preserve oxidized
atmospheric N in soils. Thus, from the perspective of the
N cycle, the Atacama Desert is like few other areas on Earth,
but provides a useful analog for understanding processes that
may contribute to the surficial geochemistry of Mars over
time.
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